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Abstract Arctic soils contain a large pool of terrestrial C and are of interest due to their potential for releasing
significant carbon dioxide (CO2) and methane (CH4) to the atmosphere. Due to substantial landscape
heterogeneity, predicting ecosystem-scale CH4 and CO2 production is challenging. This study assessed
dissolved inorganic carbon (DIC=Σ (total) dissolved CO2) and CH4 in watershed drainages in Barrow, Alaska as
critical convergent zones of regional geochemistry, substrates, and nutrients. In July and September of 2013,
surface waters and saturated subsurface pore waters were collected from 17 drainages. Based on simultaneous
DIC and CH4 cycling, we synthesized isotopic and geochemical methods to develop a subsurface CH4 and DIC
balance by estimatingmechanisms of CH4 and DIC production and transport pathways and oxidation of subsurface
CH4. We observed a shift from acetoclastic (July) toward hydrogenotropic (September) methanogenesis at sites
located toward the end of major freshwater drainages, adjacent to salty estuarine waters, suggesting an
interesting landscape-scale effect on CH4 productionmechanism. Themajority of subsurface CH4 was transported
upward by plant-mediated transport and ebullition, predominantly bypassing the potential for CH4 oxidation.
Thus, surprisingly, CH4 oxidation only consumed approximately 2.51± 0.82% (July) and 0.79± 0.79%
(September) of CH4 produced at the frost table, contributing to <0.1% of DIC production. DIC was primarily
produced from respiration, with iron and organic matter serving as likely e- acceptors. This work highlights
the importance of spatial and temporal variability of CH4 production at the watershed scale and suggests broad
scale investigations are required to build better regional or pan-Arctic representations of CH4 and CO2 production.

1. Introduction

Arctic soils contain large C stocks andmay be an important source of atmospheric methane (CH4) and carbon
dioxide (CO2) over the next century due to a rapidly changing climate, degrading permafrost, and redistribu-
tion of water across high latitude landscapes [IPCC, 2007; Hinzman et al., 2005; Schuur et al., 2008]. CH4 and
CO2 productions are influenced by localized microtopographic controls on the water table and available
terminal electron acceptors (TEAs) [Lipson et al., 2012] and may be affected by combined effects of moisture,
season [Rhew et al., 2007], vegetation height, active layer depth [von Fischer and Hedin, 2007], soil pore size,
organic matter chemistry and quantity, temperature [Roy Chowdhury et al., 2015], and the presence of
vascular rooting systems [Kruger et al., 2002]. A better understanding of spatial and temporal variability
and relative contributions of factors controlling CH4 and CO2 production mechanisms and transport
pathways is needed [Bridgham et al., 2013], in particular to predict future offsets and unknowns in terrestrial
C storage in Arctic ecosystems [Jorgenson et al., 2001].

Microtopography along the Arctic Coastal Plain in Alaska is heterogeneous, affecting localized concentrations
and availability of TEAs, nutrients, and substrates [Lipson et al., 2012; Heikoop et al., 2015; Newman et al., 2015;
Wainwright et al., 2015], which presumably plays a large role in localized mechanisms and production of CH4

and DIC. The modern landscape is characterized by a mix of high- and low-centered polygons [Billings and
Peterson, 1980; Zona et al., 2011], hummocky terrain, thermokarst ponds and lakes, and wetlands [Arp et al.,
2011]. Much of the landscape is also characterized by different-aged drained thaw lake basins (DTLBs), which
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form as lakes drain and become vegetated [Billings and Peterson, 1980; Hinkel et al., 2003; Bockheim et al.,
2004]. Polygonal ground develops in basins and interbasin areas due to alternating freeze-thaw cycles, creat-
ing ice wedges in the permafrost which uplift terrain, forming polygonal-shaped features with low elevation
centers surrounded by high rims and low troughs that eventually may subside into high-centered polygons
with low surrounding troughs. This landscape heterogeneity presents challenges in ecosystem-scale assess-
ment and predictions of CH4 and CO2.

Watershed drainages represent a good indicator and integrative signal of broader landscape geochemistry,
substrates, and nutrient availability, and have the potential to be an important source of CH4 and DIC as
saturated environments. Given the importance of biogeochemistry to the cycling of C in Arctic ecosystems,
our objectives were to use naturally occurring isotopic and geochemical tracers to assess production and
transformation of CH4 and DIC in saturated drainages in Northern Alaska during July and September of
2013. Our sampling approach in drainages was intended to circumvent effects of microtopography and
hydrology on variations in substrate or nutrient availability across the landscape.

During our field campaigns in 2013, sampled drainages ranged from stagnant wetlands to slow moving
streams, which are typical for summer months in this region. The majority of lateral runoff typically occurs
earlier in the spring season during an abrupt snowmelt period lasting approximately 2weeks [Zhang et al.,
2000]. Due to frozen ground impeding internal drainage during spring snowmelt, vertical infiltration is mini-
mal. During the subsequent summer months, active layer thaw depth increases, and with summer rain and
active layer ice thaw, soils can become saturated. However, typically during summer months, evaporation
exceeds precipitation, resulting in a reduction of wetland extent and disconnection of hydrological systems
with minimal surface runoff occurring primarily only after heavy summer rain events [Mendez et al., 1998;
Bowling et al., 2003;Woo et al., 2008]. Overland flow largely ceases as drainage networks including channels,
lakes, ponds, and wetlands become fragmented [Mendez et al., 1998; Rovansek et al., 1996; Bowling et al.,
2003]. Thus, in situ production and vertical transport processes within the depth profile through the thawed
active layer typically dominate over lateral transport of CH4 and DIC in these environments during summer
months and at the time of our sampling campaigns.

When lateral transport is minimal, the δ13C signature of coexisting dissolved CH4 and DIC and variations in
CH4 and DIC δ13C values in pore waters with depth, can provide insight into C cycling pathways. Pathways
and isotopic fractionations associated with CH4 and DIC production that provided a basis for our approach
are summarized in Figure 1. Characteristically, δ13C values of dissolved CH4 and DIC provide information
about methanogenic pathways (acetoclastic vs. hydrogenotrophic) (Figure 1, pathways B and C) [Whiticar,
1999; Conrad, 2002; Chanton, 2005]. Isotope mass balance mixing models can be applied to estimate the pro-
portion of DIC derived from (1) respiration and organic matter fermentation, which are nonfractionating
(Figure 1, pathway D), relative to (2) DIC from methanogenesis (Figure 1, pathway A) [Corbett et al., 2013]
in the absence of significant CH4 oxidation.

DIC production by anaerobic respiration is thermodynamically favorable to, and may inhibit, CH4 production
where TEAs (NO3

�, SO4
2�, Mn, Fe oxide, and oxidized organic matter) are available and primary methanogenic

substrates (acetate and H2) are limited [von Fischer and Hedin, 2007]. CH4 release to the atmospheremay also be
mitigated if subsurface CH4 diffusing toward the surface becomes oxidized in pore waters [Whiticar, 1999; Kruger
et al., 2002]. The mechanism of upward transport of CH4 may occur via three mechanisms including (i) plant-
mediated transport via either molecular diffusion or bulk flow, (ii) ebullition, and (iii) diffusion through soil pores
and the soil column, herein referred to as “diffusion” [Schütz et al., 1991; Chanton, 2005]. Plant-mediated trans-
port and ebullition (Figure 1, pathway H) of CH4 are less susceptible to oxidation relative to diffusion (Figure 1,
pathway G) [Happell et al., 1994; Chanton, 2005], which ultimately influences relative release of CH4 versus CO2

to the atmosphere. Mass balance isotopic approaches can approximate plant-mediated transport and ebullition
together (Figure 1, pathway H) relative to diffusion (Figure 1, pathway G) [Corbett et al., 2013]. CH4 oxidation in
pore waters has implications for CH4 and CO2 emissions (Figure 1, pathway E) and can also be estimated using
isotopic approaches [Whiticar, 1999; Mahieu et al., 2008; Preuss et al., 2013; Corbett et al., 2013].

Our objectives were to assess the dominance of either acetoclastic or hydrogenotrophic methanogenic
pathways and to approximate the partitioning of vertical CH4 transport mechanisms. Further, we aimed to
estimate DIC production mechanisms from respiration, methanogenesis, and CH4 oxidation; and to assess
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pore water geochemistry to infer potential TEAs contributing to anaerobic DIC production. This work was
intended to provide insight into spatial (vertical and lateral) and temporal (July vs. September) variability
in CH4 and DIC concentrations and processes across arctic watershed drainages with different geomorphology
and properties. Additionally, our methodology may serve as a template that can similarly be applied in other
studies in the Arctic or other wetland environments to infer spatial and temporal variability and localized effects
influencing CH4 and DIC processes.

2. Materials and Methods
2.1. Site Description

During July and September of 2013, we collected soil pore waters from 17 drainages in and around the Barrow
Environmental Observatory in Barrow, AK, USA. Soils are classified as typic histoturbels (surface organic layers
20–40 cm thick) and aquiturbels (surface organic layers< 20 cm thick), with an organic layer overlying fine,
silt-rich lacustrine sediments [Bockheim and Hinkel, 2005]. Vegetation in higher elevation areas is dominated
by mosses (Sphagnum, Dicranum, and Polytrichum sp.), and vegetation in low elevation saturated areas (includ-
ing drainage sampling locations; Figure 2) is dominated by a mixture of sedges (Carex aquatilis and Eriophorum
sp.) and mosses (Drepanocladus and Sphagnum sp.) [Villarreal et al., 2012; Sloan et al., 2014].

Liquid active layer water samples were collected from three depths at each location including (1) surface
waters, (2) “shallow” subsurface (7.5–15 cm from surface), which was commonly an organic soil horizon,
and (3) the bottom of the active layer (“deep”; maximum depth to the frost table< 64 cm, often a mineral-
rich horizon), which varied with depth across sites from July (33.8 ± 1.7 cm) to September (43.3 ± 2.0 cm)
(Table A1 of the supporting information). We define the frost table as the upper surface of ice-bonded
material and the active layer thaw depth as the depth from the soil or water surface to the upper limit of
ice-bonded material [Owens and Harper, 1977]. The frost table begins to thaw from the surface in spring
and reaches maximum depth in fall just before winter frost, which is consistent with our deeper measure-
ments of the frost table in September than in July for our study. Wemeasured depth to frost table by probing
the soft thawed active layer until we detected frozen ground as a dense frozen layer. Sampling locations were
stationed along the periphery of internal and external drainages, draining from different-aged drained thaw
lake basins (DTLBs); different types of polygonal terrain, ranging from high- to low- centered; and interlake

Figure 1. Belowground C cycling pathways and isotopic effects.
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basin areas (Figure 2 and Table A1; section 2.2). Watersheds were delineated using the Spatial Analyst exten-
sion in ArcGIS 10.2 applied to digital elevation models. Verification and some manual postprocessing were
necessary due to the low relief surface topography [e.g., Arp et al., 2012]. Watersheds with selected drainages
were classified as follows: interlake basins containing polygonal terrain, different-aged DTLBs [young
(<50 years), medium-aged (50–300 years), old (300–2000 years), or ancient (2000–5500 years)] [Hinkel et al.,
2003], or a combination of watersheds integrating different-aged DTLBs and interlake areas (Table A1;
“Watershed” classification). Sampled drainages were further classified by flow activity (“Flow Type”) as either
stagnant wetlands with no observable flow upon sampling or channels where gentle lateral surficial flow was
noted upon sampling (Table A1). In cases where gentle lateral flowwas observed in the drainage channel, the
periphery of channels where water was extracted always appeared stagnant.

2.2. Surface Water and Soil Pore Water Collection

Surface waters were collected as grab samples from the edges of drainages. For shallow active layer samples,
one stainless steel drive point sampler (2.1 cm I.D.) was installed at each sampling location, with pore open-
ings and collection depths ranging from 7.5 to 15 cm below the soil surface. Tubing was installed into the
drive point opening (Masterflex platinum-cured silicone), and water was slowly siphoned into 1 L bottles
(HDPE, Nalgene) using a hand-pump vacuum. For the collection of deeper samples, 14–20 macro-rhizon
[Seeberg-Elverfeldt et al., 2005] samplers were installed in an array (30 cm apart) down to the frost table.
Multiple macro-rhizons were used to obtain sufficient water volume for chemical analyses; these were more
effective than drive points for collecting water from the deeper active layer. Depth to frost table was mea-
sured at each rhizon location and averaged within a site. The frost table depth (and collection depth for
“deep” samples) varied by location and time (Table A1). Results for deep soil pore water provide insight into
geochemistry and isotopic signatures at the top of the frost table, rather than a specific depth from the sur-
face. For time-sensitive or oxidation-sensitive analytes [Fe2+, dissolved oxygen (DO), dissolved CH4, and DIC],
2–3 syringes (60mL) were removed as soon as enough water was available for analyses (within 30min of
sampling), and pore water in syringes was composited prior to analyses. Rhizons and syringes were rein-
stalled, and after approximately 2 h of sampling, water in the remaining syringes was composited for all other
analyses and processed and/or analyzed in the field (section 2.3).

2.3. Field Measurements and Sample Processing

Fe2+, temperature, DO, and pHweremeasured in the field on unfiltered pore waters immediately after extrac-
tion. Fe2+ was measured with a (Ferrous) Color Disc Test Kit (Hach, IR-18C), DO with a Hach luminescence DO

Figure 2. (A) Location of Barrow, Alaska, USA. (B) Location of synoptic water sampling sites at drainages, sampled in July
and September, 2013. Colors indicate different-aged drained thaw lake basins (DTLBs, see inset legend for ages).
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meter (HQ30d), and temperature with a thermal meter with internal temperature reference (Thermo
Scientific 927007MD). Waters collected for total dissolved Fe (FeTotal) were filtered in the field (0.45μm,
Fisher syringe filters) and acidified for preservation with concentrated nitric acid within 48 h of collection
(pH< 2). Samples collected for CH4 and DIC concentrations and δ13C isotopes were filtered in the field
(0.2μm, Fisher syringe filters) during injection into pre-evacuated 60mL glass bottles with blue butyl rubber
septa. Samples collected for DOC were filtered in the field (0.45μm, Fisher syringe filters) and stored in 40mL
glass vials. All other samples collected in the field (i.e., for CH4, DIC, and DOC concentrations and isotopes,
and anions) were stored in coolers over ice packs in 60mL bottles (HDPE, Nalgene) and transferred into a 4°C
cold room within 18 h of collection (Barrow Arctic Research Center, Barrow, AK, USA). Within 2weeks after
collection, samples were transported in coolers on ice packs to the Geochemistry and Geomaterials Research
Laboratory (GGRL), Los Alamos National Laboratory (LANL) (Los Alamos, NM, USA), where they were stored at
4°C until analyzed (section 2.4).

2.4. Surface Water and Soil Pore Water Measurements

All laboratory analyses were conducted at the GGRL. FeTotal was measured along with major cations and
trace metals by inductively coupled plasma optical emission spectrometry and inductively coupled plasma
mass spectrometry utilizing EPA methods 200.7 and 200.8. The Perkin Elmer Optima 2100 DV and Elan
6100 were the specific systems utilized. Ultra high-purity nitric acid (Fisher Trace Metal Grade) was used
in sample and calibration preparation prior to sample analysis. Internal standards (Sc, Ge, Bi, and In) were
added to both samples and standards to correct for matrix effects which can result in differing sample
introduction rates. Some samples were diluted prior to analysis in order to minimize matrix effects as
well as allow the analytes of interest to remain within the linear dynamic range of the calibration.
Standard Reference Material 1643e Trace Elements in Water was used to check the accuracy of the
multi-element calibrations.

Fe3+ was calculated as the difference between FeTotal and Fe2+ measured in the field. For a few samples with
low FeTotal (<1mg L�1), where Fe2+> FeTotal, Fe2+ values were adjusted to equal FeTotal. The oxidation state
of Fe was calculated as the percentage of Fe2+/FeTotal * 100% for the reduced portion (FeReduc) and Fe3+/
FeTotal * 100% for the oxidized portion (FeOxid) [Lipson et al., 2013]. Inorganic anion samples were analyzed
by ion chromatography following United States Environmental Protection Agency method 300 on a
Dionex DX-600 system.

Dissolved organic nitrogen (DON) was determined using the alkaline persulfate oxidation method [Cabrera
and Beare, 1993]. DON in 1mL of groundwater was oxidized to NO3

� with 0.5M potassium sulfate, and
NO3

� concentrations were determined using a single reagent method [Doane and Horwath, 2003].
Spectral absorbance was measured at 540 nm and calibrated against NO3

� standards. For DIC concentrations
and δ13C-DIC, approximately 1mL of groundwater was removed through septa of the glass bottles with
a needle and syringe and injected into a helium-purged vial, and the mass of the water was measured.
CO2 was extracted from DIC by acidification with 103% orthophosphoric acid (H3PO4) at 50°C. The evolved
CO2 was measured on a GV Instruments Isoprime continuous flow isotope ratio mass spectrometer
(GV Instruments, Manchester, UK) coupled to a Multiflow peripheral instrument. δ13C results are reported
relative to V-PDB and calibrated to CO2 derived from IAEA carbonate standards NBS-18, NBS-19, and
LSVEC. The concentrations were determined by using a calibration curve relating mass spectrometer
response versus the DIC concentration in a NaHCO3 standard.

CH4 concentrations were determined by GC-FID using an Agilent GC 6890A with an HP-Plot column
250μL injection of headspace gas. The headspace CH4 concentration was determined based on a calibra-
tion curve using CH4 diluted to varying concentrations. Dissolved CH4 concentrations were determined
based on the Henry’s law partitioning between dissolved and gaseous CH4. δ

13C values of CH4 were
measured with a MassLynx Isoprime stable isotope ratio mass spectrometer coupled to a TraceGas
peripheral. The injection volume was varied by sample to aim for constant mass spectrometer response
and eliminate nonlinearity effects. δ13C-CH4 values were calibrated from an in-house methane standard
(LANL 1258282) which had been calibrated from IAEA standards and independently analyzed. Prior to
injection, CH4 bottles were shaken on a mechanical shaker for ~24 h to equilibrate headspace with
water samples.
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εc was calculated as the difference between δ13C of total dissolved CH4 and δ13C of total DIC on a per sample
basis and will be considered in inferring methanogenic pathway [Whiticar, 1999]. The apparent fractionation
factors for DIC→CH4 (α) were calculated as follows:

α ¼ δ13CDIC þ 1000

δ13CCH4 þ 1000
(1)

Similarly, α-values have been used to infer methanogenic pathways, where larger α-values are typical of
hydrogenotrophic methanogenesis and smaller values are typical of acetoclastic [Whiticar et al., 1986;
Whiticar, 1999; Conrad, 2002; Chanton, 2005; Hines et al., 2008].

2.5. Pathway Estimates
2.5.1. Estimating DIC From Methanogenesis Versus Respiration
A series of isotope mass balance equations were used to estimate (1) the proportion of DIC produced from
nonfractionating organic matter respiration and fermentation, relative to (2) DIC produced from methano-
genesis, a fractionating process, in pore water samples collected at the frost table, following methods by
Corbett et al. [2013]. We separately considered pore water samples from shallow depths, which are subject
to oxidation. We assumed no DIC was from the dissolution of carbonates in mineral soils based on low pH
and based on the fact that carbonates have not been identified in these soils.

We assume that the isotopic composition of CH4 collected from deeper pore waters at the frost table repre-
sents that of newly produced CH4 with negligible oxidation [following Popp et al., 1999; Hines et al., 2008].
While in some cases oxygen could potentially be delivered downward from rooted vascular plants to
promote CH4 oxidation at depth [Corbett et al., 2013], the fact that frost table samples occurred below the
rooting depth and low oxygen levels measured in deep pore waters suggests that aerobic CH4 oxidation
in deep samples at the frost table would likely be insignificant. Additionally, our approach assumes negligible
anaerobic oxidation of CH4 for deep pore water samples, which has recently been shown to occur in peat
soils incubated under standard conditions (19°C) [Gupta et al., 2013]. However, the occurrence of anaerobic
CH4 oxidation in situ in Arctic tundra is unknown, and potential effects on deep CH4

13C, and uncertainty
introduced on estimates of deep DIC sources are beyond the scope of this study. For shallow pore waters,
we estimated the potential error introduced from CH4 oxidation to our estimates of shallow subsurface
DIC source to be negligible (Text A1).

The theory and application of the applied isotope mass balance approach is described in detail in Corbett
et al. [2013] and can account for both pathways of methanogenesis (Figure 1, pathways B and C). Briefly,
we first determined the δ13C-DIC resulting from methanogenesis using the measured values of δ13C-CH4

and the δ13C-OM [rearranged from Corbett et al., 2013]:

δ13C� DIC�meth
� � ¼ δ13C� OM

� �� 0:5ð Þ� δ13C� CH4
� �

0:5ð Þ (2)

This approach relies on the assumption that equal amounts of CH4 and DIC are produced during
methanogenesis from DOC [Chanton, 2005], which is typical for peat and wetland soils [Conrad, 1999]. We
assume that measured CH4 δ

13C values in deep and shallow soil pore waters approximate the CH4 initially
produced after methanogenesis (δ13C�CH4). The isotope mass balance between (δ13C�DOC) and
(δ13C�CH4) allows us to solve for (δ13C�CO2�meth) in equation (2).

We assumed that DIC produced from respiration and fermentation would have a δ13C isotopic signature
equal to organic matter substrate (δ13C–OM) from which it derived [Lapham et al., 1999], which we approxi-
mated with the mean of our measured δ13C DOC isotope signatures in subsurface pore waters. After deter-
mining the δ13C-CO2 from methanogenesis [equation (2)], the fraction of CO2 from either isotopic
fractionatingmethanogenesis (fCO2�meth ) (Figure 1, pathway A) or nonfractionating OM respiration and fer-
mentation (fCO2� OMdecay) (Figure 1, pathway D) was estimated:

δ13C–CO2
� � ¼ δ13C–OM

� � � fCO2�OMdecay
� �þ δ13C–CO2�meth

� �� fCO2�methð Þ (3)

and

fCO2�OMdecay þ fCO2�meth ¼ 1 (4)

Global Biogeochemical Cycles 10.1002/2014GB005044

THROCKMORTON ET AL. DISSOLVED CH4 AND CO2 IN ARCTIC TUNDRA 1898



where δ13C–CO2 is the measured total δ13C of CO2 from pore water, δ13C–CO2�meth is the calculated δ13C of
CO2 from methanogenesis [equation (2)], and fCO2� OMdecay is the fraction of CO2 from respiration and
fermentation [Corbett et al., 2013]. Combining equations (3) and (4) and solving for two unknown variables
allowed us to estimate fCO2�meth and fCO2� OMdecay [Corbett et al., 2013]. This approach does not account
for any possible isotopic fractionation of CH4 in the rhizosphere from plant-mediated transport. Isotopic
fractionation that has been shown to occur during diffusive plant-mediated transport is primarily attributed
to fractionation in the plant aerenchyma as CH4 gas exits the plant to the atmosphere, rather than CH4

transport into the plant through root uptake in the rhizosphere [Chanton, 2005]. Potential rhizosphere
fractionation is not well understood; however, if root-based fractionation of CH4 in the rhizosphere were
to occur, our approach would overestimate CH4 oxidation and underestimate CO2 produced from
nonfractionating pathways [Corbett et al., 2013]. We estimated the error introduced by diffusion on
fCO2�meth to be negligible (Text A2). An additional possible transport mechanism, advection, is not
considered to be significant in subsurface soil pore waters due to the low hydrologic gradients and low
permeability soils, but is considered in surface waters in section 3.2.2 with comparisons of stagnant and
gently flowing drainages showing no differences for a number of variables tested, suggesting that in situ
processes and vertical transport via diffusion are likely dominant over advection or lateral transport effects.
2.5.2. Estimates of Upward Subsurface CH4 Transport Via Ebullition and Plant-Mediated Transport
The approach in section 2.5.1 estimates the combined loss of dissolved CH4 from drainage systems by (1)
ebullition due to low CH4 solubility and (2) vascular plant transport (Figure 1, pathway H). This approach
maintains the assumption that DIC and CH4 produced from methanogenesis [equation (2)] should occur at
an equimolar ratio (1:1) in solution. Any discrepancy in molar ratio of measured CH4 to calculated DIC
produced during methanogenesis is attributed to CH4 loss via ebullition and vascular plant transport
[equation (5)] [Corbett et al., 2013], while measured dissolved CH4 in solution is the fraction of upwardly
diffusing CH4 (Figure 1, pathway G).

CH4�Trans ¼ CO2�meth � CH4�Measured (5)

where (CH4� Trans) is the combined loss of subsurface CH4 to ebullition and plant transport (molar),
(CO2�meth; i.e., = CH4 production by assuming equimolar production via methanogenesis) is CO2 produced
from methanogenesis [equation (3)] (converted to molarity as the fraction of measured DIC in deep pore
waters), and CH4�Measured is measured CH4 in pore water associated with diffusion. CH4-Trans and CH4-

Measured were converted to and expressed as percentages of total CH4 produced. Molar concentrations were
converted to percentages for CH4 and CO2 (fCH4-Trans, fCO2-meth, and fCH4-Measured). CH4 transport was
estimated separately for deep and shallow subsurface pore waters. Errors introduced from CH4 oxidation
on estimates of CH4 and DIC from methanogenesis were estimated to be negligible (Text A3).
2.5.3. Estimating CH4 Oxidation With “Open System Estimates”
We applied an “open system” estimate for CH4 oxidation occurring throughout the vertical soil profile
(Figure 1, pathway E) [Monson and Hayes, 1980; Mahieu et al., 2008; Preuss et al., 2013]. This approach
considers isotopic composition of deep pore waters relative to surface waters:

f ox ¼ δE � δPð Þ
1000 � αox � αtransð Þ ; (6)

where fox is the fraction of deep CH4 oxidized in the soil, δE is the δ
13C of surface CH4, δP is the δ

13C of CH4 in
deep pore waters, αox is the isotope fractionation factor for oxidation, and αtrans is an isotopic fractionation
factor for CH4 transport, which occurs during diffusion and is a property of the specific gas and medium
[Chanton, 2005]. These approaches rely on upward diffusion through pore waters, which is relevant to our
sampling locations along the edges of drainages (demonstrated in section 3.2.2). Again, we assumed that the
CH4-δ

13C value of deep pore waters was representative of newly produced CH4 and that discrepancies
between surface water and deep pore water δ13C-CH4 reflected biological isotopic fractionation associated
with oxidation only. This approach relies on no significant shift in mechanisms of methanogenesis from deep
to shallow subsurface samples, which would affect the δ13C of newly produced CH4, which we determined
was appropriate for our study. Under conditions where methanogenic mechanisms do vary with depth,
with acetoclastic methanogenesis occurring in shallower horizons (producing isotopically enriched CH4)
and hydrogenotrophic methanogenesis occurring in deeper underlying horizons (producing isotopically
depleted CH4), our approach would overestimate methane oxidation. For our particular study we determined
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this assumption is valid based on predominance of acetoclastic methanogenesis in deep samples, with no
relationship between deep CH4 isotopes and CH4 oxidation estimates within the depth profile (see
section 3.2.1) Although αtrans may differ for organic and mineral horizons, any variations in this coefficient
would have little effect on our results. We applied 1.001 as the αtrans coefficient, which is the only value
reported for saturated soils and, according to Preuss et al. [2013], is a good approximation. Oxidation
estimates are more sensitive to variations in the microbial oxidation isotopic factors (αox) [Preuss et al., 2013].
αox coefficients ranging from 1.003 to 1.049 have been reported [Reeburgh et al., 1997; Templeton et al., 2006;
Cabral et al., 2010]. We applied 1.031 as αox in our estimates, which was reported as a maximum value in
water-saturated organic soils in Arctic Siberia [Preuss et al., 2013], with conditions similar to our field sites.
While we acknowledge this is an approximation, we conservatively assume that this is likely themaximum αox
based on our soils and environmental conditions, and should result in minimum approximations of the
amount of CH4 oxidized during diffusion. The fraction of CH4 oxidization (fox) between deep and surface
water was calculated using isotopic difference [equation (6)], and a molar conversion was applied to estimate
themolar fraction (%) that CH4 oxidation would contribute to DIC production in the vertical soil profile during
upward diffusion. Ideally, this estimate would be expressed as a percentage of surface DIC concentrations
(i.e., production); however, due to atmospheric interaction with surface water DIC (discussed in sections 3.2.1
and 4.1), we considered shallow subsurface pore water DIC concentrations rather than surface DIC
concentrations to approximate the contribution of CH4 oxidation to DIC production in the soil profile relative
to alternative mechanisms.

2.6. Statistical Analyses

General linear models were used to test effects on CH4, DIC, and DOC concentrations, described throughout
section 3. For numeric predictor variables we applied Spearman Permutation Tests (9999 permutations) and
one-way Analyses of Variance tests for nominal variables. We applied Pearson Correlation regression analyses
to assess linear dependence among variables and to inform linear model analyses. R (v. 2.14.0) was used for
all analyses and figures. p-values< 0.05 are considered significant.

3. Results
3.1. Dissolved Oxygen (DO) and Fe

In July and September (2013), surface waters were in near equilibrium with atmospheric oxygen (Table A2;
Table A3). There was a decrease in DO with depth, with a corresponding increase of Fe2+ and dissolved
Fe3+ (<0.45μM) (Table A3). Total dissolved Fe (FeTotal) was most concentrated in deeper pore waters in
July and September; and the percentage of Fe3+ relative to FeTotal was also highest in deep pore waters
(Figure 3A). FeTotal concentrations decreased from July to September but were still high, in the range of
several hundred milligrams per liter at the frost table (see section 4.5 for discussion). Alternative potential
TEAs (NO3

�, SO4
2�, and dissolved Mn) were either below detection or occurred in low concentrations.

There were only four locations with detectable NO3
� (September only; Sites 1, 13_2, 13_3, and 14), with

the highest concentration at 0.87mg L�1. SO4
2� was 3.4 ± 0.9mg L�1, with the highest concentration at

63.8mg L�1 (September; Site 1). Dissolved Mn concentrations were 0.9 ± 0.3mg L�1, with the highest
concentration at 24.6mg L�1 (July; Site 1). pH was significantly lower in shallow subsurface pore waters than
in deep and surface pore waters in July and September (p< 0.05; Table A3).

3.2. CH4, DIC, and DOC Concentrations and DOC/DON Ratios

CH4, DIC, and DOC concentrations were significantly related to sampling depth (i.e., surface, shallow, and
deep; Table A4; Figures 3B–3D). In July, CH4 was most concentrated in the shallow subsurface, ranging
up to >1mM. In September, CH4 concentrations in the shallow subsurface were lower than in July
(p = 0.0051) and were most concentrated at the frost table relative to shallow and surface waters
(Figure 3C). DIC and DOC concentrations significantly increased with depth in July and September
(Table A5; Figures 3B and 3D), and DOC was more concentrated in September than in July (p= 0.0134)
(Table A5; Figure 3B). DOC/DON ratios significantly increased from July to September (p= 0.0164; Table A5;
Figure 3B).

DIC, CH4, and DOC were variable across sites, as evidenced by high coefficients of variance (CVs) (Table A5).
CVs were 41–64% for DIC, 70–111% for CH4, and 51–126% for DOC. For CH4 and DIC, there were no notable
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trends in CVs to suggest more or less variability across sites in surface versus subsurface waters, or during July
versus September. DOC was more variable across sites in surface waters, followed by shallow subsurface pore
waters, and with the lowest CVs in deep pore waters (Table A5). DOC concentrations significantly differed
across sites (Table A4) and were also related to watershed descriptions (Tables 1 and A4). Interlake drainages
were relatively concentrated in DOC, along with young, medium, and old DTLBs, while the ancient DTLB and
combination watersheds were relatively less concentrated (Figure A1). DOC/DON ratios were 12.5 ± 1.5 in July
and 17.6 ± 1.6 in September (means and standard errors for all depths combined). DOC/DON ratios also
significantly differed across sites, but these differences were unrelated to watershed properties (Table A4
and Figure A1).

Table 1. The Fraction of Deep Subsurface CO2 Produced From Respiration (fCO2-OMdecay) and From Methanogenesis
(fCO2-meth) as a Percentage of Deep Subsurface CO2; and Deep Subsurface CH4 Lost by (i) Plant-Mediated Transport
and Ebullition (CH4-Trans) Versus (ii) Diffusion (CH4-diff)

a

n fCO2-OMdecay (%) fCO2-meth (%) n CH4-Trans CH4-diff

July
Shallow 14 79.4 ± 9.1 20.6 ± 9.1 14 75.7 ± 10.3 24.3 ± 10.3
Deep 13 52.8 ± 6.1 47.2 ± 6.1 14 94.0 ± 1.4 6.0 ± 1.4

September
Shallow 15 90.1 ± 8.9 9.9 ± 8.9 10 94.9 ± 2.9 5.1 ± 2.9
Deep 15 100.6 ± 12.7 �0.6 ± 12.7 8 91.2 ± 2.9 8.8 ± 2.9

aSample size, means, and standard errors shown.

Figure 3. (A) Fe oxidation state (FeOxid) expressed as percentage of FeTotal as Fe3+ (Fe3+/FeTotal), (B) DOC, (C) CH4, and
(D) DIC concentrations (means and standard errors) for pore water at surface (0 cm), shallow (7.5–15 cm), and deep [bottom
of the active layer in July (33.8 ± 1.7 cm) and September (43.3 ± 2.0 cm)].
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DIC, CH4, and DOC positively correlated with FeTotal and FeOxid, and negatively correlated with DO; and
DIC and CH4 correlated with Fe2+ (Figure A2). DIC and pH were correlated in shallow (r= 0.46) and deep
(r= 0.67) pore waters but not in surface waters (r=�0.04). DIC concentrations correlated with FeTotal

(r= 0.66) and FeOxid (r=0.56) in September only (p< 0.05). CH4 concentrations negatively correlated with
DO (p= 0.044; r=�0.48) in shallow subsurface pore waters.
3.2.1. δ13C of DIC and CH4

The δ13C isotope signature of dissolved CH4 was highest (heaviest) in surface waters and decreased with
depth in July and September (Figure 4A), consistent with CH4 oxidation in shallower samples [Whiticar,
1999]. The largest vertical gradient in the δ13C isotopic profile of CH4 (surface vs. deep) occurred at Site 5
in July, where the δ13C of dissolved CH4 in surface water was enriched by 16.9‰ relative to deep subsurface
pore water at the same location (Table A2).

There was also a decrease in the δ13C of DIC from surface to shallow pore waters, followed by an increase
from shallow to deep pore waters (Figure 4A). This change in δ13C of DIC with depth is likely attributed to
changes in the mechanism of DIC formation (i.e., respiration and fermentation vs. methanogenesis; see
section 4.5 for further discussion), since we showed the effect of CH4 oxidation on DIC production and
(δ13C-DIC) was negligible (section 2.5.1). The heavy δ13C of surface DIC may be attributed to dissolution of
atmospheric CO2, which has a δ13C value of approximately �8.5‰ [Rubino et al., 2013].

δ13C of deep subsurface CH4 was significantly depleted in δ13C in September relative to July (p=0.0345;
Figure 4A). In July at the deep subsurface, CH4 δ

13C ranged from �73‰ (Site 2) to �48‰ (Site 13), and in
September, it ranged from �78‰ (Site 9) to �52‰ (Site 13) (Table A2). CH4 δ

13C values were mostly typical
of acetoclastic methanogenesis, with a few exceptions in July and September where deep subsurface CH4

was relatively depleted in δ13C, potentially reflecting CH4 from either methanogenic pathway (Table A2;
section 4.2). εc values ranged from 25 to 65 and generally decreased with depth and increased from July
to September at the frost table (Figure 4B). εc values were mostly consistent with acetoclastic methanogen-
esis in deep samples (see section 4.2). εc values can also be considered to qualitatively infer trends in oxida-
tion in shallow samples, and within the range of 5–30, they generally indicate strong oxidation (Whiticar,
1999). However, due to the fact that εc is also influenced by methanogenic mechanism, oxidation cannot
be quantified in shallow samples, which vary across sites and over time in our study. εc values do however
reflect partial methane oxidation in shallow samples consistent with our open system estimates (Table A2).
α-values for CH4-DIC ranged from 1.03 to 1.07, predominantly supporting acetoclastic methanogenesis
(Figure 5; see section 4.2 for discussion).
3.2.2. Pathway Estimates
In July, the proportion of DIC from methanogenesis in deep pore waters was 47.2 ± 6.1%, while 52.8 ± 6.1%
was from root andmicrobial respiration and fermentation. In the shallow subsurface in July, DIC sources were
20.6 ± 9.1% and 79.4 ± 9.1% from methanogenesis and respiration with fermentation, respectively. In
September, respiration and fermentation produced 100.6 ± 12.7% and 90.1 ± 8.9% of deep and shallow

Figure 4. (A) δ13C plotted for CH4 and DIC and (B) εc values (means and standard errors) for all samples at surface (0 cm),
shallow (7.5–15 cm), and deep [bottom of the active layer in July (33.8 ± 1.7 cm) and September (43.3 ± 2.0 cm)].
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DIC, respectively, while methanogenesis produced �0.6 ± 12.7% for deep and 9.9 ± 8.9% for shallow pore
waters (Table 1).

94.0 ± 1.4% and 91.2 ± 2.9% of CH4 were lost from deep subsurface pore waters via ebullition and plant-
mediated transport, while in the shallow subsurface, ebullition and plant-mediated transport removed
75.7 ± 10.3% in July and 94.9 ± 2.9% in September (Table 1). The proportion of dissolved CH4 remaining after
loss from ebullition and plant-mediated transport at the frost table was 6.0 ± 1.4% and 3.4 ± 5.0% in July
and September, respectively, relative to total CH4 produced. Throughout the soil profile, oxidation consumed

Figure 5. Crossplot of stable C isotope values in deep subsurface pore waters for July (red) and September (blue), 2013.
Dotted lines depict α-values. Gray circle indicates September samples that have a hydrogenotrophic fingerprint.

Table 2. The Fraction of (Total) Deep Subsurface CH4 Consumed by Oxidation During Upward Diffusion From the Frost
Table to Surface (%), and Contribution to CO2 (%) in the Depth Profilea

Site No.

CH4-OXID CO2-OXID

July September July September

1 3.5 0.083
2 0.5 0.004
3 0.7 1.6 0.007 0.011
4
5 8.7 0.118
6 3.9 0.047
7 5.4 0.043
8
9
10 0.1 0.0 0.001 0.200
11 1.6 0.029
12 0.6 0.008
13
13_2
13_3
14 0.0 0.000
15 2.7 0.025

CH4 Oxidation Summary (Mean and Standard Errors Shown)

July (n = 11) September (n = 2)
CH4-OXID 2.51 ± 0.82 0.79 ± 0.79
CO2-OXID 0.033 ± 0.003 0.071 ± 0.037

aMissing values are due to insufficient sample availability.
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32± 5% in July and 55 ± 10% in September of dissolved (diffusing) CH4, which amounted to only 0.22 ± 0.02%
and 0.48 ± 0.25% of total CH4 produced at the frost table in July and September, respectively.

There may be added uncertainty in estimates of CH4 oxidation for gently flowing drainages due to effects by
lateral transport and mixing; however, there were no significant differences between stagnant and gently
flowing drainages in variables including δ13C DIC, δ13C CH4, DIC concentrations, CH4 concentrations, DO,
FeTotal, and CH4 oxidation, suggesting that in situ processes and vertical transport of CH4 and DIC likely
dominate over lateral transport effects. CH4 oxidation was variable across sites (Tables 2 and A5), but results
suggest that CH4 oxidation overall had a small effect on total CH4 and DIC cycling, consuming only 2.51 ± 0.82
in July and 0.79 ± 0.79 in September of total subsurface CH4 throughout the depth profile from deep to
surface and contributing to <0.1% to subsurface CO2 production (Table 1).

4. Discussion
4.1. Dissolved CH4, DIC, and DOC Concentrations

Due to the high spatial variability observed in aboveground CH4 and CO2 efflux from Arctic tundra soils
[Verville et al., 1998], it is not surprising that we observed such substantial variability in CH4 and DIC pore
water concentrations. Dissolved CH4 concentrations were even more variable than DIC (Table A4), likely
due to CH4 exsolution from pore waters and ebullition (section 4.3) [Corbett et al., 2013]. Saturated soils in
mid-late summer are typical for this region [Hinkel et al., 2003; Zona et al., 2010] and are conducive to the
low DO concentrations observed in shallow and deep subsurface pore waters and anaerobic production of
CH4 and CO2. We observed distinct trends in depth profiles for CH4 and DIC concentrations and δ13C isotope
signatures, consistent with CH4 and DIC production and transformations linked to metabolic depletion of DO
and alternative TEAs with depth.

While numerous studies have reported on CH4 efflux [Torn and Chapin, 1993; Christensen et al., 2004; Rhew et al.,
2007; Zona et al., 2010; von Fischer et al., 2010], the literature contains few studies reporting on pore water CH4

and DIC concentrations in northern latitude drainages. The CH4 concentrations we measured were similar to
pore water concentrations previously reported for northern latitude soils [Verville et al., 1998; Liebner et al.,
2012; Preuss et al., 2013]. In July of 2013, the shallow active layer had high CH4 concentrations, which decreased
significantly from July to September. In contrast, DIC concentrations were similar from July to September in the
shallow subsurface. These findings may suggest some inhibition of methanogenesis by anaerobic respiration
of CO2 in September, since CH4 production is less thermodynamically favorable than anaerobic respiration
[von Fischer and Hedin, 2007].

In both July and September, DIC was most concentrated in deep subsurface pore waters relative to surface and
shallow pore waters, presumably produced in situ as deep as the maximum thaw depth. High DO in surface
waters suggested near equilibrium with surface waters and the atmosphere. Similarly, the low DIC concentra-
tions in surface waters may also be attributed to atmospheric exchange, which would result in approximately
0.013mM DIC in equilibrium at 1 atm. DO significantly declined with depth, indicating the need for alternative
TEAs for respiration. The increase of DIC from shallow to deep pore waters likely reflected an increased
availability of TEAs in mineral soils at the frost table relative to organic-rich soils at the shallow subsurface
depths. This hypothesis is supported by our observed increase in dissolved Fe3+ with depth, which has been
demonstrated as an important e- acceptor in this region [Lipson et al., 2010].

DOC concentrations significantly differed across sites and were also related to watershed properties (Table A1).
High DOC concentrations were associated with interlake watersheds characterized by polygonal terrain.
Polygonal terrain is heterogeneous, and organic matter tends to accumulate in areas of low elevation [e.g.,
Zona et al., 2011], such as drainages where our pore waters were extracted. The trend of decreasing DOC concen-
trations for DTLBs with increasing age that we observed is consistent with observations that younger basins are
generally more productive than older DTLBs [Zona et al., 2010]. We also observed significant differences across
sites in the DOC/DON ratios, but these differences could not be explained by watershed properties (Figure A1).

4.2. Methanogenic Pathways

Methanogenic pathways were predominantly acetoclastic in July at all locations, and in September, aceto-
clastic methanogenesis was still the dominant mechanism at 13 of 17 locations, while 4 of 17 locations shifted
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toward a predominantly hydrogenotrophic pathway (Sites 3, 9, 10, and 15). We refer the reader to more
detailed reviews on background, theory, and applications of applied isotopic approaches [Whiticar, 1999;
Chanton, 2005], but we present several lines of reasoning to support our interpretation. The first line of rea-
soning was based on typical but distinct δ13C signatures that occur for CH4 produced from both mechanisms,
with acetoclastic methanogenesis characteristically producing CH4 δ

13C values>�60‰ while hydrogeno-
trophic is characteristically<�90‰, with overlap between �60‰ and �90‰ for the two mechanisms
[Whiticar, 1999]. In July and September, deep subsurface pore waters from the majority of locations con-
tained δ13C CH4 values>�60‰ consistent with acetoclastic methanogenesis, with several locations in the
transitional CH4 δ13C source field (<�60‰ and >�90‰) in July and September, potentially reflecting
either pathway as being dominant (Table A2). No locations contained CH4 values <�90‰ in deep subsur-
face pore waters to definitively support a dominant hydrogenotrophic pathway.

However, we also considered the carbon isotope separation factor (εc) and the isotope separation factor (α)
between coexisting DIC and CH4 in deep pore waters (section 2.4), which tend to be more informative than
the δ13C of CH4 alone. In the absence of CH4 oxidation εc values 40–60‰ are characteristic of acetoclastic
methanogenesis, while hydrogenotrophic methanogenesis produces εc values between 60‰ and 90‰
[Whiticar, 1999; Conrad, 2002; Chanton, 2005]. Using this index, all εc values for July deep pore waters were
consistent with acetoclastic methanogenesis (Table A2). In September, deep pore waters at Sites 3, 9, 10,
and 15 had εc values >60‰, consistent with hydrogenotrophic methanogenesis. CH4-DIC α-values
(section 2.4) for these four locations in September ranged from ~1.06 to 1.07, further supporting a hydroge-
notrophic pathway [Whiticar et al., 1986; Whiticar, 1999; Conrad, 2002; Hines et al., 2008]. Deep δ13C CH4

values for these four locations were consistent with a hydrogenotrophic signature in September (ranging
between �60‰ and �90‰). Thus, based on the CH4 δ13C, εc, and α-values of CH4 in deep pore waters,
hydrogenotrophic methanogenesis was the dominant pathway at 4 of 17 drainages (Sites 3, 9, 10, and 15)
in September but not in July.

The four locations with predominantly hydrogenotrophic pathways in September (Sites 3, 9, 10, and 15) were
draining from interlake or combination watersheds and represented both stagnant and gently flowing
drainages, indicating that watershed type and drainage properties could not explain the distinct hydrogeno-
trophic signature in September at those four locations. However, one interesting trend in the spatial distribu-
tion of these four drainages (Sites 3, 9, 10, and 15; Figure 2) is that they are all located outside of DTLBs and
are generally located at the edge of the major freshwater drainages right before the transition into salty
estuarine waters. The unique spatial distribution of these four locations within the broader drainage network
suggests an interesting landscape-scale effect on CH4 production mechanism, in addition to the temporal
effects noted by the differences between July and September.

There were no measured geochemical properties or other factors associated with these sites to explain this
distinct shift in methanogenic pathway from July to September at these four locations. Studies suggest that
the acetoclastic versus hydrogenotrophic pathway is more likely to occur with increasing pH [Hines et al.,
2001; Kotsyurbenko et al., 2007] and that an acetoclastic pathway is more likely with labile organic sub-
strates with properties such as low C/N ratio, low molecular weight, low aromaticity, low organic oxygen
content, and abundant microbial compounds [Hodgkins et al., 2014]. Seasonal changes from acetoclastic
to hydrogenotrophic methanogenesis as observed in our study have been reported in other studies
[Chasar et al., 2000] and have been primarily attributed to decline in organic matter quality and depletion
of labile C throughout the thaw season [Hornibrook et al., 1997; Hornibrook et al., 2000; Chasar et al., 2000;
Corbett et al., 2013].

While overall we do report significantly higher DOC/DON ratios in September than in July consistent with the
observed trend toward a hydrogenotrophic pathway in September, DOC/DON ratios were not notably higher
for those four drainages where a hydrogenotrophic pathway predominantly occurred in September. We
acknowledge that DOC/DON ratios provide only a coarse estimate of substrate quality. Additional high-
resolution chemical characterization of DOM and its effect on in situ methanogenic pathways across drainage
networks and associated watershed drainages may provide further insight into the spatial and temporal
variations in methanogenic pathways we observed. Our findings raise additional questions of potential
landscape-scale effects on methanogenic pathways that could be addressed in future studies. For example,
could the spatial trends (i.e., proximity to the end of freshwater drainages) where acetoclastic methanogenesis
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dominated in September be attributed to different substrate chemistries as an outcome ofmodern transport or
erosional processes? Such mechanistic landscape-scale questions could be addressed by measuring the age of
organic matter at the frost table across these different drainages, in combination with high-resolution organic
matter characterization, to understand whether transport of modern DOC or erosion exposing old DOCmay be
influencing methanogenic pathways.

Our observations that acetoclastic methanogenesis was a dominant pathway over hydrogenotrophic in this
ecosystem in the majority of drainages sampled was somewhat unexpected. Although acetoclastic methano-
genesis accounts for approximately 2/3 of CH4 production from natural systems globally [Oremland, 1988],
recent metagenomic studies have noted the absence of common acetoclastic microorganisms and abun-
dance of nonacetoclastic microbes in Arctic soils [Rooney-Varga et al., 2007]. Additionally, acetate has been
shown to accumulate in Arctic soils [Hines et al., 2001; Duddleston et al., 2002], leading to the belief that
temperature may largely influence methanogenesis pathways by inhibiting acetoclastic methanogens
[Rooney-Varga et al., 2007].

Recent reviews acknowledge that mechanisms of CH4 production in Arctic soils are not well established and
may be spatially variable [Bridgham et al., 2013; Jansson and Tas, 2014]. The mechanism of methanogenesis
(acetoclastic vs. hydrogenotrophic) has been linked to vegetation distribution—specifically the presence or
absence of vascular plants, organic matter chemistry, and microbial community structure [Hines et al.,
2008; Hodgkins et al., 2014; McCalley et al., 2014]. Consequently, localized or regional shifts in plant or micro-
bial communities have the potential to alter methanogenic pathways as a consequence of warming climate,
changing hydrologic regimes, and permafrost thaw in Arctic ecosystems [McCalley et al., 2014].

In Barrow, Alaska, localized plant distribution is influenced by microtopography and water table height, with
mosses dominating much of the high elevation landscape and a mix of mosses and vascular sedges in low
elevation hollows and drainages. Our sampling locations stationed at drainages were relatively saturated
and locally dominated by Carex, which is suggested to promote an acetoclastic pathway [Hines et al., 2008]
consistent with our findings. Nonetheless, our results supporting acetoclastic methanogenesis as the
dominant pathway may be specific to saturated drainage environments and the presence of vascular plants
rather than a region-wide phenomenon along the Arctic Coastal Plain. We suggest more field-based studies
are needed with attention to localized effects of microtopography, plant and microbial communities, and
organic matter chemistry.

4.3. Methane Transport

Our results are consistent with previous reports that substantial flux of subsurface CH4 is transported from
wetlands to the atmosphere via bubbles and plant roots [Corbett et al., 2013]. We estimated that 75.7
± 10.3% (July) and 94.9 ± 2.9% (September) of shallow subsurface CH4 were lost due to the combined upward
transport of ebullition and plant-mediated transport, while 94.0 ± 1.4% in July and 97± 5% in September of
deep CH4 were lost (Table 1; section 2.5.2). Dissolved CH4 only amounted to 24.3 ± 10.3% in July and 5.1
± 2.9% in September of subsurface CH4 produced in the shallow subsurface, and 6.0 ± 1.4% in July and 3.4
± 5.0% in September of subsurface CH4 produced at the frost table. These estimates were similar to a study
in Northern Minnesota wetlands that reported a loss of 85–100% of subsurface CH4 due to ebullition and
plant-mediated transport [Corbett et al., 2013]. These more “direct” transport pathways play a critical role in
atmospheric CH4 and CO2 flux, since they essentially bypass or minimize the potential for subsurface micro-
bial oxidation. The relative proportion of CH4 transported via ebullition, plant roots, and diffusion through soil
pores depends on a combination of factors such as organic loadings, temperature (including seasonal
variations), and plant density and species [Chanton, 2005]. Thus, CH4 transport and oxidation is likely spatially
variable with localized variations in factors such as microtopography or plant/microbial communities.

4.4. Methane Oxidation

CH4 oxidation is the main mitigating process for subsurface CH4 flux to the atmosphere. We estimated a
minimum of 2.5 ± 0.8% in July and 0.79 ± 0.79% in September of deep subsurface CH4 was oxidized during
upward diffusion in pore waters (Table 2 and Figure 6, pathway E). Although CH4 oxidation overall consumed
only a minor portion of subsurface CH4, there was high variability in CH4 oxidation across our sampling
locations. At one location (Site 5) in September, CH4 oxidation consumed approximately 8.7% of CH4
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produced at the frost table (Table 2). CH4 oxidation may be limited by available substrate (i.e., CH4) [Lofton
et al., 2014]; thus, the loss of dissolved CH4 via ebullition and plant-mediated transport may largely influence
CH4 oxidation, which may also be spatially variable in this region and affected by microtopography and loca-
lized plant communities [Bubier et al., 1995; Whalen et al., 1990].

4.5. DIC Production

Organic matter decomposition accounted for the majority of DIC produced (based on estimates in the shal-
low and deep subsurface pore waters; section 2.5.1) and in September accounted for nearly 100% of DIC
(Table 1), with methanogenesis representing the majority of the remaining DIC source. The contribution of
CH4 oxidation to DIC production in the vertical profile was small (<0.1%; section 4.4) relative to respiration
and anaerobic fermentation (CO2) versus methanogenesis (section 3.2.2). The lack of calcite in the soils
and low Ca and Mg content of the pore waters indicates that calcite dissolution was also likely not a signifi-
cant source of DIC [Chasar et al., 2000].

Considering the low DO concentrations, anaerobic respiration via alternative TEAs was more likely to occur
than aerobic respiration in subsurface pore waters. Fe oxide and oxidized organic matter (e.g., quinones) have
been established as important TEAs in Arctic environments under anaerobic conditions [Lipson et al., 2010].
The unusually high dissolved Fe3+ concentrations of our locations were not typical or energetically favorable
under corresponding measured pH and Eh [Brookins, 1988]; rather, the relatively more abundant Fe phase
should have been Fe2+. Similarly high dissolved Fe3+ values were previously reported in this region [Lipson
et al., 2010] and were attributed to microbial chelation of Fe3+ via organic chelating agents such as sidero-
phores [Lipson et al., 2012]. The abundance of Fe3+ and DOC, along with correlations among DIC, Fe3+, and
DOC, supports the hypothesis that Fe3+ and oxidized organic matter are likely important TEAs in this region
[Lipson et al., 2010, 2012, 2013; Keller and Takagi, 2013].

Alternative potential TEAs (NO3
�, SO4

2�, and dissolved Mn) were either undetectable or occurred in negligi-
ble concentrations and were unrelated to DIC concentrations, suggesting little to no importance of their role
in anaerobic respiration. FeOxid was significantly related to DIC concentrations in September only, in deep
subsurface pore waters (p< 2e�16). This correlation, along with the increased Fe3+ with depth, supports
paired cycling of Fe with anaerobic respiration and CO2 production. The increasing Fe3+ from July to

Figure 6. Belowground CH4 and CO2 pathway partitioning.
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September supports seasonal cycling of Fe in these systems from reduced to oxidized forms throughout the
thaw season, as proposed by Lipson et al. [2010].

Anaerobic respiration via reduction of Fe3+ and humic substances is thermodynamically favorable over metha-
nogenesis and has the potential to competitively inhibit CH4 production where substrates such as acetate or
molecular hydrogen are limited [Cervantes et al., 2000; Teh et al., 2008; Klüpfel et al., 2014; Miller et al., 2015].
The proportion of subsurface DIC from methanogenesis decreased from July to September, in particular in
the deep subsurface (Table 1). There was not a corresponding increase of FeTotal from July to September to
inhibit methanogenesis. Additionally, a negative correlation between CH4 concentrations and any Fe species
or FeOxid was not observed, which would be expected if methanogenesis were inhibited by Fe3+ reduction.
Our findings lead to two possible explanations: the first is that TEAs other than Fe may have been acting later
in the thaw season to stimulate respiration and inhibitmethanogenesis. NO3

�, SO4
2�, and dissolvedMnwere in

low concentration, suggesting a possible role from quinones, which we did not measure. The second possible
explanation is that organic substrates may be limiting in September, consistent with our hypothesis explaining
the shift in methanogenic pathway that occurred from July to September toward increasingly hydrogeno-
trophic (section 4.2). From July to September, DOC concentrations actually increased while the quality
decreased (based on DOC/DON ratio), suggesting that if organic substrate were limiting in September, it would
likely be attributed to a decline in organic matter quality and increased recalcitrance from July to September
rather than quantity. Both possibilities suggest seasonal change in organic matter quality likely plays an impor-
tant role in metabolic pathways, as a TEA and/or e-rich substrate.

4.6. Summary

Local drainage channels as examined in this study are critical convergent zones of regional nutrients from
watersheds. We applied several approaches to estimate C production and partitioning of transport pathways
in Arctic Coastal Plain drainages in northern Alaska. Interestingly, due to the fact that such a large majority of
subsurface CH4 was transported upward via plant-mediated transport and ebullition, oxidation of dissolved
CH4 in pore waters played a very minor role in the subsurface C balance. Another interesting finding of our
study was the observed landscape-scale effect on methanogenic pathways, whereby a shift from acetoclastic
(July) toward hydrogenotropic (September) methanogenesis occurred at sites located toward the end of major
freshwater drainages, adjacent to salty estuarine waters. Substantial spatial and temporal variability in CH4 and
DIC concentrations and metabolic processes across the watershed scale highlights future research opportu-
nities. Further work examining localized effects of microtopography, plant distribution, and organic matter
chemistry on CH4 and CO2 mechanisms and partitioning is needed. Our results do not imply flux to the atmo-
sphere or production rates but rather provide mechanistic insight into CH4 and CO2 production and transport
pathways. Studies pairing dissolved C partitioning estimates with aboveground fluxes would be useful for relat-
ing mechanisms of production and transformation to atmospheric flux and informing regional C models in the
Arctic. Additionally, further work assessing mechanistic questions with high-resolution chemical characteriza-
tion of substrates across the drainage network in combination with determining the age of organic substrates
could help to informwhether transport of newDOCor thermokarst and erosion exposing old DOCmay be influ-
encingmethanogenic pathways. The latter may be especially important to evaluate as thawing permafrost may
drive a dramatic increase in rim and channel bank collapse, as well as lake edge erosion, as climate warms.
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